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a b s t r a c t
In geodynamic numerical models of volcanic systems, the volcanic basement hosting the magmatic
reservoir is often assumed to exhibit constant elastic parameters with a sharp transition from the host
rocks to the magmatic reservoir. We assess this assumption by deriving an empirical relation between
elastic parameters and temperature for Icelandic basalts by conducting a set of triaxial compression
experiments between 200 ◦ C and 1000 ◦ C. Results show a signiﬁcant decrease of Young’s modulus from
∼38 GPa to less than 4.7 GPa at around 1000 ◦ C. Based on these laboratory data, we develop a 2D
axisymmetric ﬁnite-element model including temperature-dependent elastic properties of the volcanic
basement.
As a case study, we use the Snæfellsjökull volcanic system, Western Iceland to evaluate pressure
differences in the volcanic ediﬁce and basement due to glacial unloading of the volcano. First, we
calculate the temperature ﬁeld throughout the model and assign elastic properties accordingly. Then
we assess unloading-driven pressure differences in the magma chamber at various depths in models
with and without temperature-dependent elastic parameters. With constant elastic parameters and
a sharp transition between basement and magma chamber we obtain results comparable to other
studies. However, pressure changes due to surface unloading become smaller when using more realistic
temperature-dependent elastic properties. We ascribe this subdued effect to a transition zone around
the magma chamber, which is still solid rock but with relatively low Young’s modulus due to high
temperatures. We discuss our ﬁndings in the light of volcanic processes in proximity to the magma
chamber, such as roof collapse, dyke injection, or deep hydrothermal circulation. Our results aim at
quantifying the effects of glacial unloading on magma chamber dynamics and volcanic activity.
© 2016 Elsevier B.V. All rights reserved.

1. Introduction
Decompression of magmatic reservoirs can be caused by crystallization (Blundy et al., 2006), un-rooﬁng (Manconi et al., 2009;
Pinel and Albino, 2013), passive degassing (Girona et al., 2014),
or unloading of conﬁning tectonic stress (Walter and Amelung,
2007). Similarly, removal of overburden may promote volcanic
eruptions by reducing the lithostatic load acting on a magmatic
reservoir. This effect can for example be caused by deglaciation (e.g., Pagli and Sigmundsson, 2008) and ﬂank collapse (e.g.,
Manconi et al., 2009). A more direct response to load removal
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may occur in active or dormant volcanoes. It was previously suggested that a surface unloading of 40 bar (due to ﬂank collapse)
results in a pressure decrease of 5 to 6 bar within a magma chamber storage zone at depths of 18–22 km (Manconi et al., 2009).
While some recent studies have investigated the effects of icecap retreat on shallow magmatic bodies (e.g., Albino et al., 2010;
Manconi et al., 2009), to the best of our knowledge the effects on
the upper mantle are still not investigated. Schmidt et al. (2013)
suggested that unloading (due to ice-cap retreat) may also affect
the upper mantle by inducing lithospheric relaxation and enhancing decompression-induced melting over timescales of hundreds
to thousands of years. However, major uncertainties are still to be
quantiﬁed. These are for instance the geometry of the magmatic
reservoir and the lack of temperature-dependent measurements of
the elastic parameters used to model such systems. As a result,
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magmatic systems are often modelled with the major assumption
that the crust is isotropic and homogeneous with constant elastic
properties.
In studies of time-dependent deformation of volcanic systems,
temperature is typically considered an important parameter by
employing a visco-elastic approach (e.g., Del Negro et al., 2009;
Gregg et al., 2012; Parks et al., 2015). The rheology of the crust
is modelled as a generalised Maxwell body with parallel springdashpot systems, whereas temperature affects the viscous response of the material (dashpot), but not the elastic (spring)
part. This practice might not reﬂect the real elastic properties
of the crust accurately. In particular, it ignores the temperaturedependence of elastic parameters (e.g., Anderson et al., 2013),
especially when partial melts are considered (e.g., Kohlstedt and
Zimmerman, 1996). Several studies have shown that bulk-rock
elastic parameters vary signiﬁcantly with temperature, especially
above 600 ◦ C (e.g., basalt: Violay et al., 2012; andesite: Smith et
al., 2009; microgabbro: Violay et al., 2015; limestone: Bakker et
al., 2015). Hence, neglecting the temperature-dependence of elastic
properties, especially in volcanic and hydrothermal environments,
may result in misleading conclusions. Gregg et al. (2012) did apply a temperature-dependency to the elastic part of the system
to investigate the effects of magma over-/under-pressure, by using
lowered Young’s modulus at T > 650 ◦ C.
The goal of our study is to compare models of a volcanic system
using both temperature-dependent and temperature-independent
elastic properties and hence to quantify the effect of temperaturedependency of the elastic properties. The innovative aspect of the
present study is that we feed our numerical model with measured
temperature-dependent elastic properties. As an application, we
model pressure changes due to removal of a surface load. To provide a realistic case-study we consider a deglaciation scenario: the
Snæfellsjoküll volcanic system, Iceland, whose ice cap is thinning
at a rate of 1.25 m/yr on average (Jóhannesson et al., 2003).
The manuscript is structured as follows. First, we describe
the Snæfellsjoküll volcanic system and describe how we sampled
lithologies representative of Iceland. Next, we describe our experiments to characterise the pressure- and temperature-dependent
elastic properties of the crust. The elastic properties are based
on triaxial deformation experiments on basaltic lavas and hyaloclastite (i.e., hydrated tuff-like breccia) samples tested under elevated conﬁning pressure, P (a proxy to depth), and temperature,
T (depth/proximity to magma chamber), conditions appropriate
for a shallow magmatic system. We then introduce the thermomechanical numerical model where we use the acquired laboratory
data. The model quantiﬁes the variation of stresses and pressure
at crustal depths induced by ice-cap removal (i.e., we consider the
thickness of the ice cap covering the Snæfellsjoküll volcanic system). We ﬁnally discuss our results and draw the main conclusions.
2. Methods
The Snæfellsjökull central volcano, like most of the Icelandic
stratovolcanoes, consists of alternating layers of Tertiary basement
and hyaloclastites (Alfredsson et al., 2013; Kokfelt et al., 2009). Unfortunately, the basement geology is mostly only constrained by
surface observations (Tibaldi et al., 2013) and only recent studies
began to investigate the volcanic system with geophysical methods (Obermann et al., 2016). Based on Tibaldi et al. (2013), we
assume the Tertiary basalts to best represent the basement of the
Snæfellsjökull volcanic complex and assume that hyaloclastite layers are only present in the shallow part (i.e., the volcanic ediﬁce).
The deep parts of the Snæfellsjökull volcanic system (Fig. 1) are
not accessible and are therefore represented by Tertiary lavas that
form the basement (Tibaldi et al., 2013). The Tertiary basement
samples without signiﬁcant surface alteration used in this study
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Fig. 1. Simpliﬁed geological map of the Snæfellsness peninsula (after Jóhannesson,
2009). For a coloured version of this ﬁgure we refer to the online version of this
work.

were sampled from outcrops as close as possible to the volcanic
ediﬁce (Fig. 1). Samples comprise hydrothermally altered basalt
with clinopyroxene (augite) and plagioclase phenocrysts in a ﬁnegrained crystalline (glass-free) matrix with saponite and chlorite as
alteration products. The material has a density of 2750 ± 50 kg m−3
and a connected porosity of 4.14 ± 0.02%, measured using a helium pycnometer (Micrometrics® Accupyc 1330). We measured the
chemical composition using X-ray Fluorescence (XRF) techniques,
which showed 4.344% loss on ignition (LOI) likely due to water
released from hydrous minerals, which formed by hydrothermal
alteration. For comparison, a basaltic lava ﬂow from a recent eruption did not reveal measurable water content based on LOI (see
supplementary material, Table S-2 for further details). Hyaloclastite
samples used in this study consist of poorly consolidated hydrated
basaltic glass spheroids with an average grain size of 0.5 mm.
The samples had an initial density of 1510 ± 10 kg m−3 and a
connected porosity of 40.01 ± 0.02%. No suitable outcrop of hyaloclastite was found in relative close proximity to the summit, nor is
there comprehensive data available on the elastic properties of this
rock. Therefore, samples were obtained from a roadside outcrop
in the Hellisheiði volcanic ﬁeld with similar chemical properties
(oxides, see Table S-2). These samples are not compacted due to
overburden, thus do not strictly represent deeper hyaloclastite layers (Jaya et al., 2010). To account for this caveat, we compacted
the samples before experimental deformation by applying a hydrostatic conﬁning pressure.
2.1. Rock deformation experiments
We drilled cylindrical samples (12 mm diameter, 30 mm long)
from blocks of the Tertiary basalts (former lava ﬂows) and hyaloclastite and cut them to plane-parallel end faces. Before experiments, we oven-dried the samples at 70 ◦ C for a minimum of
24 h to ensure a dry starting material. Samples were jacketed and
placed in a Paterson-type triaxial deformation apparatus. Samples
were initially subjected to a hydrostatic stress (argon gas pressure)
and subsequently heated to the desired temperature. Finally, axial deformation is imposed by driving up a piston, maintaining a
constant strain rate, while the piston displacement and axial load
is measured (see Bakker et al., 2015, for further details). Experi-
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ments took place at temperatures ranging from 200 ◦ C to 1000 ◦ C
and conﬁning pressures from 50 MPa to 150 MPa, corresponding to approximately 2–6 km depth. During all tests, we maintained a constant strain rate of 10−5 s−1 . For each temperature,
we calculated the static Young’s modulus from the linear-elastic
section of the stress–strain curve, in this case between 0.2 and
0.6% strain (Figs. 3 and 4). These two limits allow avoiding nonlinear stress–strain effects due to closure of cracks in the sample
(lower limit) or sample yielding (upper limit) (Bakker et al., 2015;
Heap et al., 2009). The slope of the linear regression of the data
between these limits is taken as the static Young’s modulus. Deformation beyond the elastic range is measured to infer macroscopic
mechanical behaviour (brittle/ductile).
It is advantageous to provide a smooth function for the
temperature-dependent Young’s modulus to the numerical model,
avoiding sharp unnatural transitions. Therefore, we used a continuous function to represent the temperature-Young’s modulus data
pairs, which however reproduces the key features of the laboratory
data. As the Young’s modulus, E, decreases continuously with temperature but drops signiﬁcantly above a threshold temperature, T c ,
we used a combination of a linear function and the error function
(erf):





E ( T ) = a · 1 − erf

T − Tc
s



+ b · T + c,

(1)

where E ( T ) is the temperature-dependent Young’s modulus and
T c is the threshold temperature at which the Young’s modulus decreases by an order of magnitude or more. Parameters a, b, c, s,
and T c are ﬁtting parameters.
Prior to axial deformation, the hyaloclastite samples were hydrostatically compacted by the conﬁning pressure. As a result, the
cross-sectional area and length of the sample changed signiﬁcantly
before axial deformation commenced. Therefore, the imposed compaction prior to the deformation experiment could only be assessed post-testing, resulting in uncertain axial stresses used to
calculate Young’s moduli. For this reason, these data are averaged, and treated as indicative values without any temperaturedependence. A more comprehensive study on the compaction behaviour of hyaloclastite is required.
We could not measure the Poisson’s ratio because there is insuﬃcient space between the sample and the inner furnace wall
to mount a radial LVDT (linear variable displacement transducer)
or strain gauge (e.g., Heap et al., 2009). In addition, the jacketing
material is electrically conductive, making it impossible to create
an isolated electrical circuit. However, previous studies indicate
that the Poisson’s ratio does not change dramatically with varying P/T conditions as long as the material is solid and is not prone
to (partial) melting (Christensen, 1996; Tarkov and Vavakin, 1982).
Therefore, not knowing this parameter is unlikely to inﬂuence the
temperature-dependent model presented here.
When rocks are exposed to suﬃcient temperatures, their rheological behaviour changes from brittle to ductile. Therefore, we
assume the Poisson’s ratio, ν , to increase with temperature from
νmin = 0.25 to νmax = 0.49. The lower value is commonly found in
uniaxial testing of basalts (Christensen, 1996); the upper value corresponds to a near-incompressible visco-elastic case, where rocks
have a high bulk-to-shear modulus-ratio (Greaves et al., 2011). The
Poisson’s ratio is scaled to the normalised Young’s modulus as



υ (T ) = 1 −

E (T )
E max



· [υmax − υmin ] + υmin .

(2)

The inverse relationship between Young’s modulus and Poisson’s
ratio is also qualitatively shown by Heap et al. (2009). However, in
Heap et al. (2009) the decrease in Young’s modulus is due to an
increase in damage caused by cyclic stressing of samples and not
by temperature, as in the present study.

2.2. Finite-element modelling setup
Similar to Manconi et al. (2009) and Albino et al. (2010), we
employ a two-dimensional axisymmetric ﬁnite-element model. We
approximate the topography of the Snæfellsjökull volcano by a
Gaussian function with 0 m elevation at the edge of the model
and the maximum height corresponding to the volcano’s summit
at 1446 m. The ice cap is assumed to have its maximum thickness
at the top of the volcano and decreases in thickness down to zero
at the volcano’s half width. For this thickness distribution we use
a similar Gaussian function, with 0 thickness on the edges and its
maximum thickness in the middle, above the volcano’s summit. In
the model, the width of the resulting ice cap can be varied, but
is chosen to correspond to the current extent of Snæfellsjökull‘s
ice cap (modelled at 8 km in diameter). The current maximum
thickness is around 110 m and mean thickness around 30 m (and
decreasing) (Björnsson and Pálsson, 2008). However, estimates for
glacier thickness during the last glacial maximum vary between
300 and 500 m (Biessy et al., 2008). The stratigraphic nature of the
volcano is reproduced by a layered setup, with alternating layers of
lava ﬂows and hyaloclastite, typical of Icelandic central volcanoes
(Alfredsson et al., 2013).
We adapted a ﬁnite-element model to solve the steady-state
thermal conduction–advection equations, as well as the force balance and linear elastic rheological equations. For symmetry reasons, we approximate the geometry of the Snæfellsjökull volcano
by a 2D axisymmetric half-space (Fig. 2). In most model runs the
horizontal extent is set to 10 km (corresponding to a diameter
of 20 km). The vertical extent is set from 1446 m a.s.l. (current
maximum elevation of Snæfellsjökull) to 15 km depth, which captures the depth of the Icelandic crust (Björnsson, 2008). In Iceland,
the depth of the brittle–ductile transition is assumed to occur between 10 and 15 km depth (Stefansson et al., 2008). The magmatic
reservoir, approximated as an elliptical magma chamber, is situated
at 5 km depth providing enough space below to prevent boundary effects. Icelandic volcanic systems are often characterised by
shallow magma chambers (Andrew and Gudmundsson, 2008 and
references therein).
The calculations take place in three steps. At the ﬁrst step, the
thermal conduction–advection equations are solved. The boundary
conditions are:

• 0 ◦ C within the ice cap;
• 1200 ◦ C within the magma chamber and at the bottom boundary of the model;

• Zero horizontal heat ﬂux across the symmetry axis (left
boundary in Fig. 2);

• Zero horizontal heat ﬂux across the outer model boundary
(right boundary in Fig. 2).
To simulate the presence of a hydrothermal system above the
magma chamber, we apply a simple advection term in vertical direction. Advection velocities greatly depend on the largescale permeability of the system (e.g., Scott et al., 2015) and
are therefore poorly constrained. We chose the advection term
such that the surface temperature gradients correspond to values measured in boreholes in volcanic ﬁelds (e.g., Björnsson, 2008;
Flóvenz and Saemundsson, 1993; Scott et al., 2015). Based on the
obtained steady-state temperature ﬁeld, we assign the measured
temperature-dependent elastic parameters (Young’s modulus and
Poisson’s ratio; Equations (1) and (2)) to each element in the
model.
In the second step of our modelling procedure, the force balance and linear elastic rheological equations are solved to obtain
the pressure ﬁeld in the model under the effect of gravity. The following boundary conditions apply:
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Fig. 2. Numerical model setup of the 2D axisymmetric half-space with all applied boundary conditions. Used abbreviations: r and z, radial and depth coordinates (or when
used as subscripts: directions); v, displacement; τ , shear stress; q, heat ﬂux; T , temperature. Roller boundary conditions are indicated by circles. The shown numerical mesh
is simpliﬁed as the true mesh is too dense to be depicted here. Inset shows the advection velocity ﬁeld with values ranging from 0 to 5 mm/s. Note that the depth of the
magma chamber and depth of the model are variable, noted here are those for the reference state, at 5 and 20 km b.s.l., respectively.

• Zero traction along the symmetry axis (left boundary in
Fig. 2);

• Zero traction along the outer (right boundary in Fig. 2) and
bottom model boundaries;

• Free surface boundary at the top of the model.
Initial testing revealed that the load of the volcano is suﬃciently
far away from the outer model boundary such that the model
size does not inﬂuence the result. Material properties are listed in
the supplementary material: Table S-1. For temperature-dependent
models, the Young’s modulus and Poisson’s ratio for basalt and
magma are overwritten by Equations (1) and (2), respectively.
The third step repeats the previous step, but without an ice
cap. The pressure difference between the third and second step
corresponds to the pressure change when the ice cap is removed.
As this approach is purely elastic, it is time-independent; hence
visco-elastic or plastic effects are neglected.
The details of the ﬁnite-element model are beyond the scope
of this work as other implementations of the same numerical code
have successfully been benchmarked and veriﬁed elsewhere providing full technical details (e.g., Tuitz et al., 2012; Zhong et al.,
2014 and references therein). Uncertainties in the model result
due to uncertainties in elastic parameters have been assessed during feasibility testing. Absolute pressures (not pressure differences)
were within 0.3 bar when systematically varying the Young’s modulus of the basement by ±2 GPa (far more than the experimental
error) and Poisson’s ratio between 0.1 and 0.4.
3. Results
3.1. Triaxial deformation
The results of our deformation experiments are ﬁrst evaluated
as a whole by means of their stress–strain curves, followed by a focus on the elastic part thereof. Experiments at a constant conﬁning

Fig. 3. Differential stress-versus-strain curves for hydrothermally altered basalt samples. Experiments were conducted at a conﬁning pressure of 50 MPa, a constant
strain rate of 10−5 s−1 , and varying temperatures. For a coloured version of this
ﬁgure we refer to the online version of this work.

pressure ( P c ) of 50 MPa and strain rate, but varying temperatures
(Fig. 3) can be classiﬁed as follows. At temperatures up to and
including 800 ◦ C, sample deformation is elastic up to ∼1% strain
and differential stress of ∼350 MPa. Beyond this elastic limit the
samples start to yield and eventually reach peak differential stress
values of about 400–440 MPa at ∼1.7% strain. This is followed
by gradual weakening until differential stresses stabilise at ∼4%
strain and steady state differential stresses around 300 MPa. In
all of these cases, a second signiﬁcant decrease in stress occurs
at strains between 6 and 8%, which is due to jacket puncture and
is therefore not representative for the sample behaviour and was
not included in further analysis. The experiment at 900 ◦ C exhibits
a similar elastic loading until yield at ∼0.5% strain and 200 MPa
differential stress. Continued deformation leads to a peak differen-
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stress-versus-strain curves for hydrothermally altered basalt samwere conducted at a temperature of 400 ◦ C, a constant strain rate
with varying conﬁning pressures. For a coloured version of this
the online version of this work.

tial stress of 310 MPa at ∼2% strain, followed by a weakening until
10% strain, after which the experiment was concluded. At 1000 ◦ C,
a short pseudo-linear deformation phase occurs up to ∼0.5% strain,
followed by a slight strengthening.
We investigated the effect of conﬁning pressure by deforming
samples at a constant temperature of 400 ◦ C and strain rate, but
varying conﬁning pressures of 50, 100, and 150 MPa. All samples
started to yield at ∼1% strain. However, while the experiment at
a conﬁning pressure of 50 MPa reached a peak differential stress
of 420 MPa at ∼1.7% strain, the samples deformed at 100 and
150 MPa conﬁning pressure exhibited a peak differential stress of
530 MPa at around ∼3% strain. Continued deformation led to a
phase of gradual weakening, followed by a slight stress decrease
at around 5% strain for the 100 and 150 MPa experiments. Continuous deformation did not result in jacket puncture as with the
50 MPa experiment. However, these experiments were concluded
to avoid high pressure leaks, as well as avoiding non-homogeneous
stress distribution within the sample (e.g., Paterson and Wong,
2005).
During the elastic part of deformation (i.e., 0.2–0.6% strain), the
triaxial experiments on Snæfellsjökull basalt revealed no signiﬁcant inﬂuence of conﬁning pressure on Young’s modulus. Results of
experiments at 50 MPa, 100 MPa, and 150 MPa conﬁning pressure
lie within experimental error (Fig. 4). Between 200 ◦ C and 800 ◦ C,
the Young’s modulus linearly decreases from 41 to 38 GPa. Beyond
that, the Young’s modulus sharply drops to 24 GPa at 900 ◦ C and
4.7 GPa at 1000 ◦ C (Fig. 3). Alpha-95 conﬁdence intervals derived
from the ﬁtting of the stress–strain curves lie within 0.2 GPa of the
reported values. However, to account for a large degree of variability between samples we assume an error of 2 GPa. Above 1000 ◦ C,
the low sample strength prevented accurate measurements of differential stress.
The hyaloclastite samples exhibit an average Young’s modulus
of 20 ± 5 GPa, which compares well to literature data (Jaya et al.,
2010). Nonetheless, our results are not accurate enough to interpret a temperature-dependency with conﬁdence. The compacting
behaviour and the effects thereof on the elastic properties of hyaloclastite may be a topic of further investigation. However, as the
occurrence of these rocks is limited to the volcanic ediﬁce, the
magma chamber is unlikely residing in hyaloclastite host rock. We
therefore focus on the Tertiary basalt as host rock.
The signiﬁcant decrease of Young’s modulus of the Tertiary
basalt at high temperatures is likely associated with the transition from brittle to ductile behaviour (e.g., Bakker et al., 2015).
Indeed, the samples deformed at temperatures up to 800 ◦ C exhib-

Fig. 5. Young’s modulus (GPa) and Poisson’s ratio (−) vs. temperature (◦ C). The
Young’s modulus data points result from laboratory triaxial shortening experiments,
which are ﬁtted with a continuous function (Equation (1)). The Poisson’s ratio is
calculated using a similar function as for the Young’s modulus (Equation (2)).

ited a loss of load-carrying capacity after about 2% strain (observed
by the weakening after reaching peak differential stress) and analysis of the resulting microstructure revealed localised deformation
(see supplementary data). Conversely, samples deformed at 900 ◦ C
and 1000 ◦ C did not exhibit signiﬁcant loss of load-carrying capacity and did not show signs of localisation in the resulting microstructure. Therefore, we interpret the brittle–ductile transition
to be at 850 ± 50 ◦ C for P c = 50 MPa and a strain rate of 10−5 s−1 .
Additionally, the change in behaviour is associated with a decrease
in peak and yield differential stresses (Figs. 3 and 4).
With known Young’s modulus (E) and Poisson’s ratio (ν ), the
bulk modulus (K ) can be calculated as K = E /(3(1 − 2ν )). Assuming a Poisson’s ratio of 0.49 (common for visco-elastic behaviour of
a solid), the range of Young’s moduli at >1000 ◦ C of E = 0.1–5 GPa
corresponds to a bulk modulus of K = 0.006–0.3 GPa. This compares well with the lower end of published bulk moduli of magma
(0.1–10 GPa; Huppert and Woods, 2002; Tait et al., 1989). However, it should be noted that bulk modulus for magmas strongly
depends on magma chamber size and overpressure (Melnik and
Sparks, 2005).
Equation (1) is applied to the laboratory data of Young’s modulus and Poisson’s ratio as a function of temperature (see Fig. 5).
The applied ﬁtting parameters are: a = 1.85 × 1010 , b = −3.5 × 106 ,
c = 4.3 × 109 , s = 120, and T c = 924.
3.2. Finite element model results with and without temperature
dependency
The calculated temperature ﬁeld and resulting distributions of
elastic parameters are presented in Fig. 5. Concentrating only on
the magma storage zone, our numerical results suggest that the
removal of an initially 200 m thick ice cap reduces the pressure
in the magma chamber at 5 km depth (below sea level, b.s.l.) by
∼0.5 bar (see Fig. 6). Pressure changes do not vary signiﬁcantly between models with and without imposed layering. However, this
pressure change strongly depends on the depth of the magma
chamber. The pressure in a magma chamber at 1 km depth b.s.l.
drops by 1.4 bar compared to 0.4 bar in a magma chamber at
10 km depth b.s.l. The pressure decrease in the magma chamber
due to ice-cap unloading varies linearly with the thickness of the
ice cap. In addition, the size of the magma chamber inﬂuences the
pressure decrease slightly; for smaller magma chambers (∼0.5 km
radius) pressure changes are in the order of 1.0 bar compared to
∼0.5 bar for large magma chamber (∼5 km radius).
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Fig. 6. Upper panel: Pressure change (bar) in the magma chamber at various depths
(km) due to the removal of a 200 m thick ice cap, employing a model of 8 ediﬁce layers. Lower panel: Pressure change (bar) in the magma chamber with various
thicknesses of the ice cap (m), for a magma chamber at 3 km depth, 8 ediﬁce layers,
and a constant width of the ice sheet of 8 km.

The largest reduction in pressure occurs directly below the initial load within the volcanic ediﬁce. The effect reaches greater
depths but with decreasing magnitude. For example, removing a
modelled 200 m thick ice cap reduces the pressure just below
the surface by 4 bar, compared to 2 bar at 2 km depth (Figs. 8A
and 8B). Interestingly, this pressure reduction is much smaller
than the reduction that may be expected and approximated as
ρ gh = 18 bar (ρ : density of ice; g: gravitational acceleration;
h: thickness of removed ice). We explain this discrepancy by the
self-supporting 3D geometry of the volcanic ediﬁce (Gaussian) as
opposed to a ﬂat horizontal topography used for the approximate
equation above.
In both temperature-independent and temperature-dependent
models, unloading leads to an increase in pressure immediately
above and below the magma chamber. This is particularly true if
the horizontal extent of the unloaded mass (ice cap) is wider than
the width of the magma chamber. Unloading allows regions of the
rock mass originally under the surface load (i.e., the ice cap) to rebound and slightly uplift; regions further away, which did not have
a surface load, to slightly subside. This surface deformation pattern
is common for post-glacial rebound (e.g., Árnadóttir et al., 2009)
and occurs here on a smaller scale. It is the surface expression of
a rotation at depth around a pivot point (horizontal pivot line in
our axisymmetric model) roughly corresponding to the edge of the
removed ice-cap load. This rotational deformation causes compression towards the symmetry axis at depth, which in turn causes
a pressure increase in the area where the magma chamber resides. This effect can counteract the effect of the initial unloading,
as shown in Figs. 8A and 8B. However, at the outer edges of the
magma chamber, pressure decreases. In the magma chamber itself
pressure also decreases, but less than in the surrounding host rock
(Fig. 8B).

Fig. 7. 3D projected results of: A) Temperature distribution (◦ C) within the model
space (inside volume) and surface temperature gradients (◦ C/km; projected on top);
B) Young’s modulus distribution (GPa) based on the temperature ﬁeld; C) Poisson’s
ratio distribution (−) based on the temperature ﬁeld. For a coloured version of this
ﬁgure we refer to the online version of this work.

Employing a continuous temperature-dependent function for
Young’s modulus results in a smooth transition of mechanical parameters between the host rocks and the magma chamber (Fig. 7),
compared to a sharp boundary in temperature-independent models (Fig. 5). The difference is most prominent around the magma
chamber (Fig. 8). In temperature-independent models, large pressure gradients occur close to the magma chamber (Fig. 8A), compared to a more gradual pressure variation when the Young’s
modulus is temperature-dependent (Fig. 8B). Directly above and
below the magma chamber, the two models differ as much as
2 bar (Fig. 8C). For example, in temperature-independent models
the pressure increases by 1 bar directly above the magma chamber, while in temperature-dependent models there is a pressure
decrease of about 0.5 bar. Furthermore, temperature-independent
models exhibit a sharp pressure decrease at the outer edges of the
magma chamber compared to a gradual decrease in temperature-
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and reported that, when one component (i.e., the glass) becomes
signiﬁcantly weak, it controls the overall mechanical behaviour
of the rock. A similar behaviour can be expected during partial
melting. If suﬃcient melting occurs, pockets of melt can coalesce
and form a melt-ﬁlm network, which has been shown to cause
low ﬂow stresses (Paquet et al., 1981). The samples used in this
work are characterised by hydrothermal alteration. The hydrothermally altered samples contain 4.344 wt% water, which can reduce
the solidus to lower temperatures compared to dry solidus temperatures (Melnik and Sparks, 2005). Based on the chemical data
presented in the supplementary material and using the method
of Giordano et al. (2008), we ﬁnd values of the glass transition
temperature between 490 and 670 ◦ C, depending on water content.
However, in the absence of glass, the actual melting temperature
may well be in the range of the brittle-to-ductile transition temperature at around 850 ◦ C ± 50 ◦ C as interpreted here, even though
this was neither measured directly nor reported in the literature.
More testing is required to investigate the degree of partial melting
at high temperatures (>900 ◦ C, where the weakening is observed).
4.2. Broader implications of temperature-dependent elastic properties
in time-independent models

Fig. 8. 3D projected results (with zoom inset). In all cases, the models simulate the
pressure changes (bar) for the removal of a 200 m thick ice cap. A) Temperatureindependent model; B) Temperature-dependent model; C) Differences between the
two types of models (bar). For a coloured version of this ﬁgure we refer to the online version of this work.

dependent models. Pressure changes (increase/decrease) are less
extreme in temperature-dependent models, suggesting a damping
effect around the magma chamber.
4. Discussion
4.1. Causes for temperature-dependent elastic properties
The distinct decrease in Young’s modulus at a threshold temperature is reported for a wide range of rock types and correlates
with the brittle–ductile transition. At laboratory strain rates of
10−5 s−1 , this transition occurs at 987 ± 12 ◦ C for Etna basalt at
P c = 50 MPa (Bakker et al., 2015), at >800 ◦ C for glass-free basalt
at P eff = 100 MPa (Violay et al., 2015), and at 850 ± 50 ◦ C for
Snæfellsjökull basement basalt (free of interstitial glass) at P c =
50 MPa (this study), with P c and P eff being the conﬁning pressure
and the effective pressure, respectively. Violay et al. (2012) compared the deformation behaviour of glassy and non-glassy basanite

The effect at depth caused by a reduction of the vertical load
due to ice-sheet removal has not been quantiﬁed before using
temperature-dependent elastic parameters. The large difference between temperature-dependent and temperature-independent models shows that assuming temperature-independent elastic properties for the host rock does not accurately represent the physical
state of shallow magmatic systems, and should be reconsidered.
In low-temperature domains (shallow and/or at signiﬁcant distance to the magma chamber), the pressure changes in the basement and in the ediﬁce observed in this study (i.e., temperaturedependent) are comparable with previous ﬁndings (temperatureindependent, Albino et al., 2010). We ascribe this to the relatively
low temperatures in the brittle domain away from the magmatic
reservoir, so that constant elastic properties are an adequate assumption. However, signiﬁcant differences occur in close proximity
to the magma chamber and at depth and close to the brittle–
ductile transition. There, temperature-independent elastic properties are a poor assumption when modelling volcanic environments
and regions close to the solidus in a time-independent manner.
In most previous studies, magma chambers are represented as
a circle (sphere) or ellipse (ellipsoid) (e.g., Albino et al., 2010;
Pinel and Albino, 2013; Sigmundsson et al., 2010), yet in nature
the magma chamber is likely more complex. In our models, we
also prescribe the magma chamber as an ellipse at depth, but it is
only associated with a temperature boundary in the temperaturedependent models. In terms of mechanical properties, the magma
chamber is essentially the same material as the basement rocks,
and corresponds to a zone of low Young’s modulus and high Poisson’s ratio due to the imposed high temperature. Most important,
the magma chamber is not deﬁned by sharp boundaries in mechanical properties. Such sharp boundaries have been shown to act
as stress concentrators and can affect stress paths (e.g., Andrew
and Gudmundsson, 2008). Previous work has already highlighted
the signiﬁcance of considering a “ductile aureole”, or transition
zone, around a magma chamber, noting that it effectively has a
dampening effect between magma chamber and host rocks (Parks
et al., 2015). Parks et al. (2015) used a visco-elastic shell approach to model this ductile aureole. Here, the soft transition
zone around the magma chamber is achieved by temperaturedependent elastic properties and corresponds to a zone with relatively low Young’s modulus compared to the surrounding regions
away from the magmatic reservoir. As a result, pressure changes
due to unloading are less extreme in temperature-dependent mod-
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els than in temperature-independent models. This implies that
the temperature-dependence of elastic properties is of particular
importance when investigating processes in proximity of ductile
domains (Fig. 8). The fact that in temperature-dependent models the pressure changes are damped (i.e., less extreme pressure
differences) has important implications for the understanding of
magmatic processes. For example, dyke extrusions and the storage capacity of magmatic reservoirs are supposed to be strongly
affected by the reduced lithostatic load (Hooper et al., 2011;
Sigmundsson et al., 2010). Our models suggest that these processes
may not be affected as dramatically as currently thought.
Our numerical solutions are time-independent representing the
steady-state stress ﬁeld before and after removal of the ice sheet.
Since we are primarily concerned about the temperature effect on
the time-independent elastic properties, laboratory-derived viscoelastic properties were not taken into account. In future studies,
it would be of interest to test the time-dependent effects by using a visco-elastic approach; in other words, to evaluate what
happens between our two steady-state solutions. Time-dependent
visco-elastic effects could potentially be constrained by laboratory
experiments where the strain rate is varied. However, such experiments would need to properly correct for the strain-hardening or
-weakening effects (observed at 900 ◦ C and 1000 ◦ C respectively,
see Fig. 3).
Within our model we treat the magma chamber as an incompressible ﬂuid by imposing a Poisson’s ratio of 0.49. In natural
cases, gas can be a signiﬁcant component, especially in shallow
magma chambers (e.g., Degruyter and Huber, 2014; Tait et al.,
1989). We have simulated this effect by systematically changing
the Poisson’s ratio (0.1–0.49) of the magma chamber during feasibility testing. The Poisson’s ratio did not have a signiﬁcant inﬂuence on the model result.
Our current understanding of magmatic processes, such as roof
collapse (Browning and Gudmundsson, 2015; Tait et al., 1989),
dyke initiation (e.g., Browning et al., 2015; Lister and Kerr, 1991),
and dyke propagation (e.g., Gudmundsson, 2002) is largely based
on models with temperature-independent elastic properties of the
country rocks, and needs to be revisited.
Our ﬁndings may have important implications for future numerical studies and the understanding of various geological processes such as emplacement of magmatic bodies, effects of tectonic loads on magmatic reservoirs and effects of regional earthquakes on nearby volcanic systems. Most notably, temperaturedependent elastic properties directly affect dyking as the width
of a dyke is proportional to the elastic properties of the host
medium when a constant overpressure is assumed (McLeod and
Tait, 1999; Rubin, 1995). Lower Young’s moduli lead to wider
(thicker) dykes. With realistic temperature-dependent elastic properties (i.e., a smooth transition between the magmatic reservoir
and the host rocks) dykes encounter less stiff conditions when they
are initiated implying that they are wider than currently estimated
by temperature-independent models. The propagation velocity of
a dyke is inversely proportional to the squared Young’s modulus of the host rock (Rubin, 1995). Thus, a low Young’s modulus
close to the magma chamber causes dykes to propagate out of
a magma chamber faster than previously thought. The combined
effect of wider and faster propagating dykes allows greater volumes of magma to ﬂow into the host rock surrounding the magma
chamber. Furthermore, recent studies (Degruyter and Huber, 2014)
indicate that the perturbation necessary to destabilise a magmatic
system may be in the order of few MPa, unless the plumbing system is already in a critical state. We show that deglaciation periods
can impose pressure variations in the order of 1 bar for the relatively small ice cap of Snæfellsjökull. Extrapolating to larger scales
(i.e., ice thickness of 2 km, estimated for the last glacial maximum), our results are in the order of 10 bar, which is within the

23

range of destabilising the magmatic system (Degruyter and Huber,
2014). Such pressure change may cause deglaciation-triggered melt
pumping from the mantle, which in turn may replenish the shallow magmatic reservoirs. This process may be boosted by enhancement of dyking at depth, promoted by the reduced lithostatic load.
This may explain the established relationship between deglaciation periods and increased volcanic activity (Glazner et al., 1999;
Huybers and Langmuir, 2009; McGuire et al., 1997; Nakada and
Yokose, 1992; Pagli and Sigmundsson, 2008; Robock, 2000; Watt
et al., 2013).
5. Conclusions
The lack of temperature-dependence in numerical models leads
to sharp transitions in elastic properties between the magmatic
reservoir and the host rocks, which in itself might lead to inaccurate results. This can be improved by using temperature-dependent
elastic parameters from laboratory measurements. We obtained
such data for basalts from Iceland by performing triaxial deformation experiments at volcano-tectonic pressures and temperatures
(50–150 MPa, 200–1000 ◦ C). We ﬁnd that increasing temperature
lowers the Young’s modulus, particularly above 800 ◦ C, which we
suggest to be associated with the brittle–ductile transition. We did
not ﬁnd any signiﬁcant effects of conﬁning pressure (≥50 MPa).
Based on our laboratory data, we created a numerical model
using temperature-dependent elastic properties. As a case study,
we calculated pressure changes in the volcanic subsurface of
the Snæfellsjökull volcano due to ice-cap removal and related
surface unloading. We found that in the low-temperature domain (up to ∼800 ◦ C) the temperature-dependent models correspond well with the temperature-independent models. However,
close to the magma chamber, where high temperatures prevail,
a transition zone exists. This reduces the magnitude of pressure changes in temperature-dependent models compared to models that use temperature-independent elastic properties. Moreover,
temperature-dependent models succeed in having gradual transitions between magma and host rock and provide a more realistic
picture of the state of pressure inside the volcanic ediﬁce. Such
an approach is crucial for future studies investigating processes in
and around the magma chamber such as dyke extrusion and propagation or magmatic roof collapse. In the case of ice-cap retreat,
temperature-dependent models may eventually lead to a better
understanding of the observed increase of CO2 after glacial maxima (Huybers and Langmuir, 2009; Watt et al., 2013).
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